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Local wind speed variations influence the energy and mass fluxes over snow through snow accumulation,
sublimation of drifting and blowing snow, or variations in turbulent fluxes over static snow and ice sur- 
faces. We use idealized model experiments to analyze the sensitivity of turbulent fluxes over static snow 
surfaces to variations in wind speed under different climatic conditions. We find that the sensitivity 
(change in the turbulent flux per change of unit wind speed) increases with increasing air temperat ure 
and relative humidity. The sensitivity of turbulent fluxes to wind speed is highest when the stability 
parameter f ¼ 1, which occurs at wind speeds typical for glacierized catchments (3–5 m s�1), and expo- 
nentially decreases either side of that range. That peak in sensitivity is caused by atmospheric stability 
correctio ns in the model, and occurs independently of the flux-profile relationships we tested. Our results 
quantify the significant effect of local wind speed variations on turbulent fluxes over snow and ice and 
can be used to estimate potential model uncertainties in different climates, especially for the typical 
assumpt ion in distributed hydrological models that the wind speed is spatial ly constant.

� 2012 Elsevier Ltd. All rights reserved.
1. Introduction 

In mountainous regions, changes in topography cause accelera- 
tion or deceleration of air masses and lead to increased wind veloc- 
ity over ridges and reduced velocities in lee slopes and terrain 
depressions. Local winds influence the energy and mass fluxes over 
snow and ice surfaces through different processes. Snow accumu- 
lation and erosion is the obvious and probably most discussed pro- 
cess in context with local wind speed variations (e.g., [1–6]).
Another process that is strongly depende nt on wind speed is the 
sublimation of blowing snow due to increased surface area of
blowing snow (e.g., [7–12]). A less obvious process is the influence
of local wind speed variations on turbulent heat exchange over sta- 
tic surfaces of snow and ice (e.g., [13–19]). Local wind speed vari- 
ations lead to spatially varying turbulent heat fluxes, which can be
significantly under- or overestimat ed if the spatial variations in
wind speed are neglected. While this is qualitatively known, most 
applications of distributed hydrological energy-bala nce (EB) mod- 
els neglect the systematic influence of local terrain on wind speed 
variations. These spatial variations influence snow and ice temper- 
atures and hence the onset and magnitude of snowpack melt.
For most of the year, the snow surface is colder than the over- 
lying air and the turbulent fluxes transport heat from the air to
the snow. In areas with high wind speed, high sensible heat flux
can increase heat transfer from the air to the surface and lead to
an earlier (both in the day and in the season) onset of melt 
[17,20]. In very humid conditions, the latent heat flux is also direc- 
ted toward the snow surface, either through inverse sublimation or
through rain on snow events [21], which further increases the en- 
ergy flux into the snow. In very dry condition s, the latent heat flux
is directed away from the surface, causing sublimation, and may 
offset some of the sensible heat flux. The sensible heat flux is usu- 
ally larger than the latent heat flux and the sum of the two is there- 
fore almost always positive toward the surface. In areas with low 
wind speed, the sensible heat flux is small and less heat is trans- 
ported toward the surface. These areas experience less melt and 
a later melt onset. Fujita et al. [18] and Mott et al. [20,22] found
that the process of decreased turbulent heat fluxes over sheltered 
snow patches or small glaciers can be, along with enhanced accu- 
mulation in these areas [23,24,4], an important factor for the sur- 
vival of small glaciers and snow patches.

Marks and Dozier [15] and Marks and Winstral [16] found that 
higher wind speed at wind-expos ed sites leads to a significant in- 
crease (�30%) in turbulent fluxes and therefore to higher mass 
fluxes than at sheltered sites with low wind speed. The results of
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Marks and Winstral [16] further show that the sensible heat fluxes
are the most important factor contributing to snowmel t at unshel- 
tered sites, while radiation was the most important factor at shel- 
tered sites. The average wind speed for their unsheltered and their 
sheltered sites were 4–5 m s�1 and 2 m s�1, respectively, and this 
twofold difference leads to an almost 10-fold increase in the net 
turbulent flux at the unshelter ed site, which already had less snow 
accumulation due to less snow deposition and more snow drift be- 
cause of higher wind speeds. The combination of less snow accu- 
mulation and more turbulent heat fluxes leads to an earlier melt- 
out of the snowpack at wind-expos ed sites. Marks et al. [21] show
that the effect of enhanced turbulent fluxes at sites with high wind 
speed becomes even more important during warm storms, where 
relative humidity and air temperature are high and both latent 
and sensible heat flux are directed toward the surface. They show 
that during a storm in the Central Cascade Mountain s of Oregon,
60–90% of the melt (235 mm water equivalent (w.e.)) at unshel- 
tered sites came from turbulent heat fluxes, while it was only 
about 35% (48 mm w.e.) at the sheltered site.

Winstral and Marks [25] and Pohl et al. [17] discuss the basin- 
wide spatial variabilit y of turbulent fluxes using modeled wind 
speeds from empirical wind-topog raphy relationshi ps [2,25]. A
recent study by Mott et al. [19] investigated snow ablation in an
Alpine catchment, used wind fields from a meteorologi cal model 
to drive an energy balance model and showed that during late 
ablation season, turbulent fluxes contribute 35% of the net melt 
energy in areas that have above-avera ge wind velocities. These 
studies demonst rate the relevance of the correct spatial distribu- 
tion of wind velocity for the energy balance and snow ablation at
wind-expos ed or wind-sheltered areas.

None of the above studies discuss the sensitivity of turbulent 
fluxes with respect to wind speed. Greuell and Oerlemans [14] dis-
cussed the sensitivity of turbulent fluxes to wind speed for an aver- 
age July climate in the European Alps, at the elevation of the glacier 
equilibrium line. They concluded that, for the particular climatic 
setting and given surface conditions (bare glacier-ice), turbulent 
fluxes linearly increase with wind speed above 4–5 m s�1 and com- 
pletely disappear below 3 m s�1. Because the sensitivity analysis 
was not the main goal of their work, they limit the discussion of
sensitivity of turbulent fluxes to wind speed to the one climatic 
condition. Furthermore, the log linear relationship , as used by
Greuell and Oerlemans [14], does not allow significant fluxes to oc- 
cur at strong stability (low wind speeds), and thus the fluxes com- 
pletely disappear below 3 m s�1. The lack of fluxes at strong 
stability can lead to a decoupling of the surface and the overlying 
air and trigger a runaway surface cooling in a model [26–28]. Most 
studies suggest that the log-linear law underestimate s the surface 
flux in very stable condition s, as they often occur over snow and ice 
surfaces (e.g., [29–33]).

The sensitivity of turbulent fluxes to wind speed varies in dif- 
ferent environments , because of the strong feedback between tur- 
bulent fluxes and surface temperature/lo ngwave outgoing 
radiation. To quantify the sensitivity in different environments ,
we extend the analysis of Greuell and Oerlemans [14] and address 
the influence of wind speed on turbulent fluxes for different com- 
binations of air temperature and relative humidity, which should 
represent a range of climatic conditions (e.g., different regions,
seasons and elevations ). We further use a flux-profile relationship 
that is valid under very stable conditions [34], so we can asses the 
sensitivity under low wind speeds and strong stability. First, we
use idealized model runs from an energy balance model during 
a 24 h modeling period with stable stratification to estimate the 
sensitivity of turbulent fluxes to wind speed for different combi- 
nations of air temperature and relative humidity. Second, we ad- 
dress the sensitivity of the turbulent fluxes associated with 
variations of wind speed in alpine terrain, and its influence on
the energy balance in a more realistic experiment. For that, we
run the model for the basin of Haut Glacier d’Arolla for the 
2007 winter, spring and summer seasons, using spatially modeled 
wind speed, measure d meteorol ogical variables and evolving al- 
bedo. We discuss the sensitivit y to wind speed in the full spatial 
domain and the effect of the assumpti on of spatially uniform 
wind speed, which is common for energy balance calculations in
mountain regions. Our results show that local wind field varia- 
tions have largest implications for the spring and summer sea- 
sons, where enhanced turbulent fluxes over areas with high 
wind speed lead to an earlier melt onset (earlier in the season 
as well as earlier in the day) and to more melt.

2. Model description and setup 

The energy-balance model that we use for this work (SnowDEM
[35]), has previousl y been used by Corripio [35], Dadic et al. [36,37]
and Pellicciotti et al. [38]. We ran SnowDEM as a distribut ed model 
with an hourly time step on a 10 � 10 meter grid for the catchment 
of the Haut Glacier d’Arolla in southweste rn Switzerland . The mod- 
el calculates the net energy flux at the snow surface:

DQS þ DQM ¼ IGð1� aÞ þ L # þL " þH þ Eþ QG þ QR ð1Þ

where DQS is the transport of sensible heat into or out of the snow- 
pack and DQM is the latent heat change due to melting or refreezing,
IG is the incoming shortwave radiation, a is the albedo, L # is the 
downwar d flux of longwave radiation, L " is the upward flux of
longwave radiation, H and E are the turbule nt sensible and latent 
heat fluxes, QG is subsur face heat flux and QR is the heat supplied 
by precipitat ion. The fluxes are positive toward the snow surface 
and negative toward the atmospher e. The model details for the 
radiative fluxes and the shading by surroundin g topography are de- 
scribed in Corripio [35]. To model turbulent fluxes, surface temper- 
ature is required as a boundary conditio n. We calculated the surface 
temperat ures following the model descri ption in Corripio [35]. The 
feedba ck betwee n the surface temperatur e and turbulent fluxes is a
key factor for our sensitivity analysis. We can therefore not solve for 
the sensitivit y of the turbulent fluxes analytic ally, without using an
energy balanc e model.

2.1. Turbulent flux modeling 

The turbulent fluxes were modeled using the bulk method,
which assumes logarithmic profile shapes for mean wind speed 
(u), air temperature (Ta) and relative humidity (RH) in a neutrally 
stratified atmosph ere, but where non-neutral atmosph eric condi- 
tions cause deviations from those ideal profiles and can be de- 
scribed by stability correction functions [39]. These deviation s
are usually estimated using flux-profile relationship s, which are 
functions of atmosph eric stability and relate the fluxes of momen- 
tum, sensible heat and water vapor to their mean gradients. The 
most common way to formulat e the deviations from neutral condi- 
tions is to incorporate empirica l corrections functions to the MO
(Monin–Obukhov) similarity theory [40]. Monin and Obukhov 
[40] suggested that the dimensionless turbulence characteristics 
in the surface layer depend solely on the friction velocity u�, the 
measure ment height z, the displacemen t length d0 (in case of veg- 
etation), the air density q and the buoyancy flux (the production 
rate of turbulent energy resulting from the work of buoyancy 
forces) [34]. These key parameters can be combined into one 
dimensio nless variable f. f is used as the stability parameter and 
is a function of the Obukhov length L, measurement height z [m]
and displacement length d0.

f ¼ z� d0

L
ð2Þ
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Fig. 1. Meteorological data from automatic weather station AWS1 (for location, see 
Fig. 5c), on January 30th 2007, was used as model input for the 24-h model 
experiments.
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L ¼ u3
�q

kg H
Tacp
þ 0:61 E

Le

h i ð3Þ

u� ¼
uk

ln z�d0
z0
�WmðfÞ

ð4Þ

The Obukhov length L is a function of the friction velocity u�, in
which k is the von Kármán constant (0.4), z0 the roughness length 
for momentum (m) and WmðfÞ the stability correction function for 
momentu m. The Obukhov length L is further a function of air den- 
sity q (kg m�3), accelerat ion of gravit y g (9.81 m s�2), specific heat 
of dry air at constant pressure cp (1004.67 J kg�1 K�1), the sensible 
heat flux H [W m�2], the latent heat flux E (W m�2) and the latent 
heat of evaporation Le (J kg�1). Including stability correction func- 
tions for sensible heat flux WhðfÞ and for latent heat flux WqðfÞ;H
and E can then be calculated as

H ¼ ku�qcpðHa �HsÞ
ln z�d0

zh
�WhðfÞ

ð5Þ

E ¼ ku�qLeðqa � qsÞ
ln z�d0

zq
�WqðfÞ

ð6Þ

with Ha (K) being potenti al temperatu re at measureme nt height z
(m), Hs (K) potential temperat ure at the snow surface , qa (g kg�1)
specific humid ity of air at measureme nt height z (m), qs (g kg�1)
specific humidity of air over snow, zh (m) roughness length for sen- 
sible heat, zq (m) roughness length for water vapor. The stability 
correction functions (profile functions) WðfÞ are vertically inte- 
grated forms of the flux-profile relationships (gradient functions)
/ðfÞ [41]. The flux-profile relations hips for wind speed (/m), poten- 
tial temperatur e (/h) and relative humidity (/q) depend on f and are 
referred to as the universal similarity functions (or non-dimen -
sional gradients of wind speed, potenti al temperat ure or relative 
humidity ). The form of / has to be experime ntally determine d
and there are many different forms found in the literature. Summa- 
ries can be found in Dyer [42], Yaglom [43] and Andreas [44]. For 
unstabl e conditio ns f 6 0, we used the Businger–Dyer relations 
[45,46]:

/2
mðfÞ ¼ /hðfÞ ¼ /qðfÞ ¼ ð1� 16fÞ�1=2 ð7Þ

For weakl y stable conditio ns 0 6 f 6 1, we used the log-linea r pro- 
files, also known as Businger–Dyer [40,45,46], which are discussed 
in detail by Zilitinkev ich and Chalikov [47], Businger et al. [48] and
Yaglom [43]. For strong stability f > 1 (high Ta and low u), we used 
the extension of the log-linea r profile that was suggested by Webb 
[30] and Kondo et al. [31] and was proposed for practical flux com- 
putations by Brutsaert [34]:

/mðfÞ ¼ /hðfÞ ¼ /qðfÞ ¼
1þ bf for 0 < f < 1
6 for f > 1

�
ð8Þ

with b ¼ 5 [30,42,49,34,50] . The integrated forms WðfÞ of /ðfÞ for
unstabl e conditio ns (Eq. (7)) can be found in Brutsaert [34, p. 70] .
The integr ated forms WðfÞ of /ðfÞ for stable conditions (Eq. (8))
can be found in Sharan [51], and are given here 

WmðfÞ ¼ WhðfÞ ¼ /qðfÞ ¼
�bf for 0 < f < 1
�b� b lnðfÞ for f > 1

�
ð9Þ

Flux-profile relations for very stable conditio ns f P 1 are not well 
understood . Measuremen ts of turbulence under very stable condi- 
tions are harder to obtain because the mean flow is non-stationar y,
as opposed to the continu ous flow under weakly stable conditions.
The non-station ary flow leads to intermi ttent turbulence, that is
‘‘characte rized by brief episodes of turbulence with interveni ng
periods of relatively weak or unmeasura bly small fluctuations’’
[52] (see also: [53,54,27,5 5]). The log-linea r relations hip does not 
allow for significant turbulence under strongly stable conditio ns.
Therefor e, a number of studies have been dedicated to finding
flux-profile relatio nships that are valid under very stable conditio ns
(e.g., [30,31,56,34 ,57,54,58,59] ). We have tested three additional 
flux-profile functions which account for strong stability (Lettau
[56], Holtslag and DeBruin [57], Cheng and Brutsaert [58]) and 
found that the sensitivity of the turbule nt fluxes is comparabl e for 
all functions and that our results are therefore robust. Eqs. (2)–(8)
cannot be uniquely solved analytically and are therefore solved iter- 
atively [34,60].

2.2. Model setup for sensitivity analysis for different climatic 
conditions

We define sensitivity as the partial derivative of the turbulent 
flux with respect to wind speed, i.e., the change in the turbulent 
flux per change of unit wind speed. To estimate the sensitivity of
turbulent fluxes to wind speed, we ran the energy balance model 
during a 24 h period, using meteorological data from the automatic 
weather station AWS1 (location in Fig. 5c) on January 30th 2007 as
model input. That particular day was chosen because it had no
clouds (zero cloud cover assumption for all model runs) and the 
variation s in air temperature and relative humidity were relatively 
small (Fig. 1). The average temperature and relative humidity for 
30 January 2007 at AWS1 were �4.6 �C and 31%, respectively .
We evaluated the turbulent fluxes at one point in the catchment 
(2800 m.a.s.l., diamond in Fig. 5c), to which we will refer to as
point SA. To extrapolate the temperat ure from AWS1 to SA, we
used an air temperature lapse rate of �0.002 K m�1, which leads 
to an average temperature of �4.2 �C at SA. The variations in rela- 
tive humidity due to the 0.4 K temperat ure difference are negligi- 
ble. To extend the sensitivity analysis to different climatic 
condition s, we varied the measured temperature by ±10 K (in steps 



Table 1
Seasonally averaged u, Ta and RH at automatic weather station AWS1 for 2007.

day of 2007 u (m s�1) Ta (�C) RH (%)

1–90 3.1 �7.9 65
91–151 2.8 �1.9 73
152–271 2.5 +2.5 75
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of 10 K) and the measure d relative humidity by +30% and +60% (in
steps of 30%). The combinati ons of the air temperature (�14.2 �C,
�4.2 �C, +5.8 �C) and relative humidity (31%, 61%, 91%) variations 
results in 9 different climatic condition s, which are commonly 
found in a range of alpine regions during different seasons and at
different elevations. The model was run for each climatic condition 
with temporally uniform wind speed of 1, 2, 3, 4, 5, 6, 9, 12, 15, 18
and 21 m s�1.

To eliminate feedback effects on the turbulent fluxes through 
temporal changes of snow properties, we used the following 
input/boundar y conditions for all model runs: (1) at timestep 
t ¼ 0, the snow amount is 500 mm w.e., (2) snow density 
(qs ¼ 300 kg m�3), albedo (a = 0.9) and wind speed do not vary in
time, (3) z0 does not vary in time and is 0.001 m, which is an ac- 
cepted value for mountainou s regions (e.g., [61,62,33]). The insola- 
tion was kept the same for all model runs (Fig. 1). We are aware 
that the peak shortwave incoming radiation values in summer 
are almost twice as big as those in winter (which we used in this 
study), but changing the insolation values for model runs with 
summer Ta/rH-conditio ns would lead to changes in turbulent 
fluxes and feedbacks with the surface temperature , and we would 
not be able to isolate the sensitivity due to changes in air temper- 
ature and relative humidity alone. We additionally ran the model 
assuming neutral stratification and omitting the stability correc- 
tion, so we can estimate what part of the sensitivity is caused by
the stratification correction and what part is due to surface-tem- 
perature/lon gwave radiation feedback.

For the discussion of the results, we use the 24 h average value 
of each flux at SA (diamond in Fig. 5c). Because all our model runs 
are made for a clear sky day with negative net longwave radiation,
we never have enough surface warming to cause unstable stratifi-
cation, and do not discuss the sensitivit y for unstable conditions.
Over snow/ice surfaces, stable stratification is more common than 
unstable stratification, especially during melting condition s.

2.3. Model setup for the sensitivity analysis at the basin scale 

To estimate the uncertainties in turbulent fluxes associated 
with spatial variations in wind speed in a more realistic spatial 
experiment with measured meteorologi cal variables and evolving 
albedo, we ran the distributed energy balance model for the basin 
of Haut Glacier d’Arolla for the 2007 winter, spring and summer 
seasons. The model setup was as in Dadic et al. [37], except that 
for the study presented herein we used pre-modele d wind fields
as model input to calculate the turbulent fluxes while omitting 
snow distribut ion due to wind, whereas Dadic et al. [37] used
the pre-modele d wind fields to model preferent ial deposition of
snow and assumed spatially uniform wind fields for turbulent flux
modeling. We use the same wind fields as in Dadic et al. [37],
which were modeled using the mesoscale atmospheric model ARPS 
[63,64]. We do not model wind fields for every timestep, but use 
pre-modele d wind fields for 14 typical wind situations in the basin 
of the Haut Glacier d’Arolla. We pick one of the 14 wind fields
depending on the hourly wind speed and wind direction during 
the modeling period at a station outside of the basin. The station 
is integrated in the Intercantonal Measurem ent and Information 
System (IMIS) [65], and is at 3301 m asl, which was assumed to
represent the synoptic wind patterns in the region, because it is lo- 
cated on a nearby ridge and minimally influenced by the local 
topography (for a more detailed description, see [37]). We did 
not apply a precipitation gradient, because it is unknown and not 
important in the context of this sensitivity study. The air tempera- 
ture lapse rate was �0.002 K m�1. The precipitable water was kept 
constant and the relative humidity was spatially varying due to
temperature gradients. z0 was spatially uniform with 0.001 m.
The radiation and the shading by surrounding slopes is described 
by Corripio [35,66]. The snow albedo is paramete rized using a
weighted ageing-melt decaying curve (Corripio, personal commu- 
nication) and details can be found in Dadic [67]. We ran the energy 
balance model for the time between January 1 and March 31, 2007 
(day 1 and 90), between April 1 and May 31, 2007 (day 91 and 151)
and between June 1 and September 28, 2007 (day 152 and 271) to
estimate sensitivit y of turbulent fluxes to wind speed in the winter,
spring and summer season. The seasonally average values for wind 
speed, air temperature and relative humidity for the respective 
seasons at AWS1 (which was used as meteorologi cal model input 
except for u, that was calculated with ARPS) are shown in Table 1.
For the first set of model runs (MR1), we used the modeled wind 
speed (ARPS) and for the second set of model runs (MR2), we in- 
creased that wind speed uniformly over the catchment by
1 m s�1. We define sensitivit y as the difference between MR1 and 
MR2. We additionally ran the model assuming uniform wind speed 
from AWS1 (MR3), to asses how large the uncertainti es in turbu- 
lent fluxes could be if local wind speed variation s are neglected.
3. Results and discussion 

In the first part of this section, we discuss the influence of wind 
speed on the turbulent fluxes and melt at one point for different 
climates, and discuss the implication s of our results to different cli- 
matic regions (or elevations). In the second part, we discuss the 
uncertainties in turbulent fluxes associated with variation s in
modeled wind speed using a distributed approach in a glacierized 
catchmen t with measure d meteorological variables and evolving 
albedo.
3.1. Sensitivity of turbulent fluxes to wind speed for different climatic 
conditions

In our experiments , the latent heat flux is positive (vapor depo- 
sition) for high relative humidity and negative (sublimation) for 
low relative humidity. For intermediate relative humidity (61%), la- 
tent heat flux becomes negative with increasing wind speed 
(Fig. 2a). The change from positive (inverse sublimation) to nega- 
tive (sublimation) occurs between �8 m s�1 (for Ta ¼ �14:2 �C)
and�14 m s�1 (for Ta ¼ þ5:8 �C). This change occurs because high- 
er wind speed increases the sensible heat flux and thus the snow 
surface temperature , which leads to an increase of specific humid- 
ity over snow (qs) and hence affects the latent heat flux (Eq. (6)).
The sensible heat flux is always positive and increases with 
increasing air temperature and decreasing relative humidity , be- 
cause low relative humidity increases sublimati on and cools the 
surface, which leads to larger temperat ure gradients and to in- 
creased sensible heat flux. Highest sensible heat fluxes are calcu- 
lated for warm and dry climates, when air temperature s are high 
and snow surface temperatures are cooled by latent heat loss. High 
relative humidities decrease the sensible heat fluxes, because of in- 
creased latent heat flux toward the snow surface and vapor depo- 
sition, which warms up the surface temperature and subsequent ly
leads to lower temperat ure gradients between the air and the sur- 
face. The sum of the turbulent sensible and latent fluxes (net tur- 
bulent flux) is highest for the warm and moist case, when both 
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(least stable climatic condition) and the blue arrow shows the upper bound for f > 1 (most stable climatic condition).
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fluxes are positive (Fig. 2e), and lowest for the cold and dry case,
when the negative latent heat flux offsets the sensible heat flux.

Figs. 2b,d,f show the sensitivity of the turbulent fluxes and melt 
with respect to wind speed. Under very stable conditions, when 
f > 1, the mean flow becomes non-stationar y and the turbulent 
fluxes behave differently than for weakly stable conditions 
(0 < f < 1). For both latent and sensible heat flux, the sensitivity 
is highest at f ¼ 1 (or u ¼ 3—5 m s�1). Below and above this range 
the sensitivity increases and decreases exponentially. It becomes 
almost constant, differing for the different climate conditions, for 
wind speeds above 8–10 m s�1, as the stratification approaches 
neutral. For all climatic conditions, f = 1 occurs between 3 and 
5 m s�1 (Fig. 2, peaks). This threshold is reached at 3 m s�1 for very 
moist (rh = 91%) and cold (Ta ¼ �14:6 �C) condition s (weak stabil- 
ity, Fig. 2b, d, f, red arrows), and at 5 m s�1 for very dry (rh = 31%)
and warm (Ta ¼ þ5:6 �C) conditions (strong stability, Fig. 2b, d, f,
blue arrows). The dry and warm condition s lead to very stable 
stratifications, which requires higher wind speeds to mix the air.
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The sensitivity of the turbulent fluxes to uncertainties in wind 
speed shows the same trends for all climatic conditions, but is
highest for climatic condition s with highest fluxes. Both, latent 
and sensible heat fluxes (not sensitivit ies of the fluxes) increase 
with increasing wind speed (Fig. 2a, c, e), but the behavior changes 
at f ¼ 1. For f > 1 (or u < 3–5 m s�1) the increase is exponential 
and for f < 1 (or u > 3–5 m s�1) the increase is logarithmic.

Melt increases with relative humidity and increasing wind 
speed (Fig. 2g). Above 8–10 m s�1, the increase with wind speed 
is almost linear, following the behavior of turbulent fluxes. The 
sensitivity of melt to changes in wind speed (Fig. 2h) strongly in- 
creases around 3–5 m s�1 or f ¼ 1, after which it remains more 
or less constant for all wind speeds, reflecting sensitivit y of the tur- 
bulent fluxes (Fig. 2f).

3.1.1. Neutral stratification assumpti on
When the stratification correction is omitted and the model 

forced to assume neutral stratification, the sensitivit y of the turbu- 
lent fluxes to wind speed is highest at 1 m s�1 and exponential ly
decreases with increasing wind speed (Fig. 3). For f < 1 (or
u > 3–5 m s�1), the fluxes show the same pattern as with the strat- 
ification correction (logarithmic increase), albeit with the absolute 
values slightly higher when neutral stratification is assumed 
(Fig. 3). For f > 1 (or u < 3–5 m s�1), the neutral stratification leads 
to significantly higher fluxes in all climatic condition s and wind 
speeds as well as to a different behavior with increasing wind 
speed. While the fluxes calculated with the correction for stable 
stratification and f > 1 show an exponential increase with wind 
speed (Fig. 2), the fluxes calculated assuming neutral stratification
in the same wind speed range show a logarithmic increase with 
wind speed, which is caused by the surface temperat ure – long- 
wave outgoing radiation feedback. We can therefore conclude that 
the modeled peaks in sensitivities (Fig. 2) are caused by the strat- 
ification correction in the model.

3.1.2. Implication s for different climates: examples 
Our analysis shows that the model sensitivity of turbulent heat 

fluxes to changes in wind speed varies for different climatic condi- 
tions. Turbulent fluxes are most sensitive to wind speed in mari- 
time climates and regions with high relative humidity and high 
temperature , such as the Southern Alps in New Zealand or the Cas- 
cades and Olympic Mountains in the Northwestern United States.
Gillet and Cullen [68] highlight the relevance of turbulent fluxes
in maritime climates and show that turbulent fluxes over a
maritime glacier in spring can account for an average of 45% of
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Fig. 3. Net turbulent fluxes (a) and sensitivity of the net turbulent fluxes (b) as function o
stratification.
the surface energy balance, and that their contribution can increase 
to 72% during large melt events. We showed that for a climate with 
average rh ¼ 91%, Ta ¼ þ5:4 �C, u >4 m s�1 (with a ¼ 0:9), the 
underest imation of wind speed by only 1 m s�1 (seasonal average)
leads to an underestimati on of melt of �320 mm w.e. for a 90-day 
ablation season. This is �250% of the total melt (from MR1) in re- 
gions where mean wind speed is around 5 m s�1 and 10% of total 
melt in regions where mean wind speed is around 15 m s�1. For 
wind speeds below 4 m s�1, no melt occurs if wind speed is under- 
estimate d for the given conditions. For a more moderate relative 
humidity of 61% (Ta ¼ þ5:4 �C, u ¼ 4 m s�1, a = 0.9), condition s as
for example can be found in the European Alps or the Rocky Moun- 
tains after a fresh snowfall in spring, the underestimation of wind 
speed by 1 m s�1 leads to an underest imation of melt by 65 mm
w.e. (assuming an underestimation of melt of �0.03 mm h�1/
m s�1), which is �70% of the total melt (from MR1) in regions of
5 m s�1 and exponentially drops to 15% of total melt in regions of
15 m s�1. The % contribution of turbulent fluxes to melt is likely 
overestimat ed in this scenario, because of the high albedo and 
low insolation values assumed, so the contribution from radiative 
fluxes is relatively small. However , Mott et al. [19] show that, even 
in moderate humidity climates like the Swiss Alps, turbulent fluxes
can contribute 35% to the net melt energy in regions with above- 
average wind speed during the melt season. In dry regions, such 
as the semi-arid Andes in central Chile, where the average humid- 
ity in summer is low �30–40% (RH = 31%, Ta ¼ þ5:4 �C,
u ¼ 4 m s�1, a = 0.6) the underest imation of wind speed by
1 m s�1 has almost no influence on the melt and leads to an under- 
estimation of sublimation by 30 mm w.e. over a 90-day period. We
have to bear in mind that these estimates are based on the condi- 
tions that we used for our analysis, which are high albedo and win- 
ter values for incoming solar radiation. The sensitivit ies will 
increase with decreasing albedo or increasing incoming solar radi- 
ation. For example, the summer temperature s in dry regions, such 
as the Andes, can be larger than the average summer temperature 
over glaciers in the European Alps: the higher temperat ure and the 
higher incoming solar radiation in proximity to the equator and 
generally higher altitudes in some of these regions are likely to
cause a more positive energy balance and lead to greater melt. If
these regions reach the melting point, the high sensitivity to wind 
speed at 3–5 m s�1 (Fig. 2b, d, f) is likely to cause large underesti- 
mations of melt if wind speed is underestimate d. Furthermore, the 
wind speed uncertainties in complex terrain are likely larger than 
1 m s�1, which also leads to an increase of the uncertainty in melt 
and sublimation due to wind speed.
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For winter conditions with negative temperature s, the sensitiv- 
ity of turbulent fluxes to uncertainties in wind speed is smaller, but 
can still cause significant errors in sublimation or inverse sublima- 
tion, if the wind speed uncertainties are large. For example, over a
spot where the underest imation of wind speed is 4 m s�1,
Ta ¼ �4:6 �C, rH ¼ 31%, and a winter season of 150 days, the 
underestimati on of sublimati on is 150 mm w.e.. In a humid climate 
with average rH ¼ 91% the underestimati on of inverse sublimation 
(deposition) is 230 mm w.e. This is most relevant over ridges and 
steep slopes, which already have less snow due to the preferential 
deposition of snow [3,5,4] and snow drift (e.g., [2,6,12]). The subli- 
mation enhances the depletion of the snow cover in drier winters,
and inverse sublimati on in more humid springs (e.g., Table 1) in- 
creases snow temperature s and melt. The surface cooling/hea ting 
through the latent heat flux has a larger effect on the energy bal- 
ance than the actual mass loss/gain through sublimation and vapor 
deposition [14].

3.2. Wind speed influence on the turbulent fluxes at the distributed 
scale

3.2.1. A case study from Haut Glacier d’Arolla 
Energy and mass balance models often assume spatially uni- 

form wind speed when modeling snow/ice catchmen ts, which 
can lead to uncertainties in turbulent fluxes. Our idealized model 
experiments (Section 3.1) showed that the largest sensitivities to
wind speed occur for regions where wind speeds are between 3
and 5 m s�1 in all climatic condition s, and that the uncertainties in- 
crease with increasing air temperat ure and relative humidity . In
this non-idealized part of the sensitivit y study, we used modeled 
wind fields, along with measured meteorologi cal variables and 
evolving albedo, to estimate the potential errors in turbulent fluxes
associated with spatial variations in wind speed in the catchment 
of Haut Glacier d’Arolla for the 2007 winter, spring and summer 
seasons. This experiment serves to put the theoretical sensitivit y
as discussed above in the spatial context of a glacierized mountain 
catchment. For the first set of model runs (MR1), we used the mod- 
eled wind speed and for the second set of model runs (MR2), we
increased that wind speed uniformly over the whole catchment 
by 1 m s�1. For the third set of model runs (MR3), we assumed a
spatially uniform wind field. We first discuss the sensitivit y as
the difference between MR2 and MR1 and then discuss the differ- 
ence between the runs that use the spatially uniform wind speed 
(MR3) and the modeled wind speed (MR1).

Fig. 4 shows the seasonally averaged difference in the sensible 
(a–c), latent (d–f) and net (g– i) heat flux between the two sets 
of model runs (MR2-MR1). The overlaid contours show the mod- 
eled wind speed for MR1. For the summer season, we only discuss 
glacierized areas, because the non-glacierized areas become snow- 
and ice-free in early summer, which changes the turbulent fluxes
due to changes in surface condition s. By excluding non-glacierized 
areas, we also exclude regions of highest wind speed in our discus- 
sion of the summer season. As expected from our idealized model 
experiments (Fig. 2b, d, f), the sensitivity to wind speed is lowest 
for winter and increases with increasing temperature in spring 
and summer (Fig. 4). The sensitivity of the net turbulent flux is pri- 
marily influenced by the sensible heat flux, which has a larger 
magnitude than the sensitivity of the latent heat flux for most of
the catchment.

The highest sensitivity of the turbulent heat fluxes for all sea- 
sons is for wind speeds between 3–6 m s�1 (Fig. 4, contours). This 
is consisten t with our idealized model experime nts, where we ob- 
served peak sensitivity at f ¼ 1 or u ¼ 3–5 m s�1, and it shows that 
our model experime nts can generally reproduce the patterns in
sensitivity, despite idealized conditions. However, the idealized 
model experiments (Fig. 2) tend to overestimat e the magnitude 
of the seasonal sensitivity (Fig. 4) when the average seasonal cli- 
mate is assumed (Table 1). For example, the maximum sensitivit y
in the net turbulent flux in the idealized experime nts, for rH = 61%
and Ta ¼ �4:6 �C (close to spring conditions in (Table 1)), is
�25 W m�2/m s�1 at u = 4 m s�1 (Fig. 2f), while in the seasonal 
model run the maximum sensitivity of the net turbulent flux oc- 
curs at the same wind speed, but is with 8 W m�2/m s�1 (Fig. 4h)
one third of the value in the model experime nt. This difference be- 
tween the idealized condition s and seasonal model runs is likely 
caused by the non-linear effects of the temporal variability meteo- 
rological variables: for example, the average wind speed of 4 m s�1

can be obtained by averaging between 2 and 6 m s�1, which both 
have lower sensitivity than 4 m s�1). Nevertheles s, we show that 
the two main results from the idealized experiments, namely that:
(1) there is a peak in sensitivity at f ¼ 1 (u = 3–5 m s�1); and (2) the 
sensitivit y increases with increasing air temperature and increas- 
ing relative humidity, are valid for the catchment scale, and that 
those main results can be used to estimate turbulent flux uncer- 
tainties due to local wind speed variations in different climates.

Fig. 5 shows the seasonally averaged differenc es between a
seasonally averaged spatially uniform wind speed (from AWS1,
Table 1) and and the mean seasonal modeled wind speed (from
MR1) for the winter, spring and summer seasons. The overlaid 
contours show the mean seasonal modeled wind speed (MR1). If
we assume spatially uniform wind speed (as in MR3), we underes- 
timate the wind speed everywhere but in lower part of the main 
glacier (Fig. 5, the glacier flows to the North). The ratio of under- 
and overestimat ed area depends on the location of the reference 
automatic weather station (AWS). If it is situated in an area with 
lower wind speed, then a model assuming uniform wind speed 
would underestimate the wind speed in large parts of the catch- 
ment. If it is situated in a windy spot, then assuming uniform wind 
speed would lead to an overestimat ion of wind speed in large parts 
of the catchment. Usually AWSs in glaciated catchments are 
situated in the proglacial valley and therefore likely to lead to an
underest imation of wind speed for most of the catchment, if
uniform wind speed is assumed. For this analysis, we used 
AWS1, which is situated neither in the valley floor nor on a ridge 
(Fig. 5c, AWS1). Assumin g a uniform wind speed leads to an
overestimat ion of wind speed on the glacier of up to 1.5 m s�1,
and to an underest imation over steep slopes and ridges of up to
5 m s�1. Because ARPS has not been set-up to allow the develop- 
ment of katabatic winds, it likely underest imates wind speed over 
the lower part of the glacier.

Fig. 6 shows the average error of turbulent heat fluxes, if spa- 
tially uniform wind speed is assumed (MR3-M1). The contours in
Fig. 6 show the average heat fluxes from MR1 and can be used to
estimate the error in percent of the respective modeled flux. Even 
if the sensitivity is low for regions with high wind speed (Fig. 2),
the underest imation of wind speed is high over these areas 
(Fig. 5), which leads to significant underestimation of turbulent 
heat fluxes over ridges and steep slopes. The sensible heat flux over 
ridges and steep slopes is underest imated by up to 30 W m�2,
which is �50–100% of the modeled sensible heat flux in MR1,
depending on the season. The error in the latent heat flux is much 
smaller (Fig. 6d–f), but so is the latent heat flux itself. The error is
��1 W m�2 over most of the catchment, except for the ridges and 
steep slopes, where it is overestimated by up to 10 W m�2 (but still 
�100% of the modeled latent heat flux in MR1). The net turbulent 
flux (Fig. 6g–i) is overestimat ed by up to 7 W m�2 over the lower 
parts of the main glacier and the proglacial valley while it is under- 
estimate d by up to 25 W m�2 over steeper slopes and ridges. The 
error of the modeled net turbulent flux when spatially uniform 
wind is assumed ((Fig. 6g–i)/(net turbulent flux from 
MR1) � 100), averaged separately over cells that under- or overes- 
timate the net turbulent flux, is: (i) �38% and +38% for winter; (ii)
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Fig. 4. Seasonally averaged sensitivity (MR2 - MR1) of the sensible (a–c), latent (d–f) and net (g–i) heat flux with respect to wind speed for the winter (doy: 1–90), spring 
(doy: 91–151) and summer (doy: 152–272) seasons, for the Haut Glacier d’Arolla in 2007. The overlaid contours show the seasonal mean wind speeds (from ARPS) that were 
used in MR1. For the summer season, we only discuss glacierized areas, because the non-glacierized areas become snowfree early in the season and are therefore not 
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�43% and +58% for spring; (iii) �48% and +31% for summer (sum-
mer values contain fewer cells and no values in regions with the 
highest wind speed, because those regions are snow/ice-fr ee in
summer). As already mentioned, the errors depend on the location 
of the AWS and which part of the catchment it represents.

3.2.2. Model limitations 
Both the energy balance model as well as the ARPS model have 

limitations when applied to complex terrain. The main limitations 
of the energy balance model, which are affecting our results, is that 
we assume that the mean convective and turbulent lateral fluxes
are negligible. This assumption is not entirely valid because of
the non-homog eneity of the flow field. In spring and summer,
when the snow cover becomes patchy, the non-unifor m surface 
temperat ure distribution can lead to increased advection of sensi- 
ble heat, which can cause locally increased ablation rates 
[69,19,20]. Considering that in our winter and spring model runs 
we have a continuous snow cover because we did not include 
any snow distribution processes, the local advection due to non- 
uniform surface temperature distribution should be minimal. Dur- 
ing the summer season, the local advection has strongest effects 
along the glacier borders, and Mott et al. [19] found that, for the 
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average wind speed at the glacier perimeter in summer (Fig. 5c,
contours), the effect of lateral heat transport is appreciable over 
a distance of 5–6 m, so the bulk of the glacierized area would be
minimally affected through this process. The main limitation of
the ARPS model is that we did not account for katabatic winds,
and that the modeled wind speed is therefore likely underesti- 
mated over the glacier tongue and in the lower valley, where the 
katabatic winds would be strongest. This leads to an underestima- 
tion of the turbulent fluxes over the lower valley when the mod- 
eled wind speed is used. If the katabatic winds were included,
the positive errors in Fig. 6g–i would become smaller. Including 
katabatic winds would also increase the sensitivity of turbulent 
fluxes over the valley floor and the main glacier (Fig. 4), where 
the wind speed might increase from a region of <3 m s�1 with
low sensitivity to a region of 3–6 m s�1 with high sensitivity.

3.2.3. Implications for energy balance modeling at the catchment scale 
Even when considering the limitatio ns discussed above, some 

general implication s of what locally varying wind speed means 
for distribut ed energy balance modeling can be discussed. The 
uncertainties associated with local wind speed variations depend 
on the location of the AWS that is used to drive the model and 
which part of the catchment it represents. However, assuming that 
the AWSs in mountain regions are located in the valleys and there- 
fore underestimate wind speed over ridges and steep slopes, we
can generalize some of the implication s of our results for energy 
balance modeling at the catchment scale for different seasons: (i)
Assuming spatially uniform wind speed during the winter season
leads to over- or underestimati on of turbulent fluxes, and influ-
ences the snow temperature s and sublimation, but has little im- 
pact on melt, as the temperat ures are generally low (Table 1).
Assuming spatially uniform wind speed can, however, significantly
underestimate sublimation (or inverse sublimation) over areas 
with high wind speed. Enhanced sublimation causes depletion of
snow over ridges and steep slopes, which already have less snow 
due to less preferential depositio n of snow or snow drift. Sublima- 
tion (negative latent heat flux) cools the surface and can offset 
some of the warming from the sensible heat flux. In regions with 
higher relative humidity , increased turbulent fluxes can warm 
the surface and trigger snow melt. (ii) Assumin g spatially uniform 
wind speed during the spring season leads to over- or underestima- 
tion of the snow surface temperature . During spring, the air tem- 
perature is much closer to the melting point of ice (Table 1) and 
and small uncertainties in turbulent fluxes can therefore increase 
the temperat ure to the melting point. The underestimati on is larg- 
est over ridges and steep slopes, and the amount and timing (daily
as well as seasonal timing) of spring snow melt is therefore signif- 
icantly underestimate d in these regions if local variation s in wind 
speed are neglected. (iii) Assuming spatially uniform wind speed 
during the summer season leads to underestimation of turbulent 
fluxes over most of the glacier surface. Even if the average air tem- 
perature for summer is above freezing, the ice surface can cool be- 
low the melting point during night time due to radiative cooling. If
the net turbulent flux is underestimate d, the ice surface reaches 
the melting point later in the morning, which will lead to less mod- 
eled melt. With a higher turbulent heat flux, the ice temperat ure 
cools less during the night and the melting point is reached earlier,
causing more melt. This has the largest impact on wind exposed 
sites.
4. Summary and conclusi ons 

Wind speed analysis in mountain areas is associate d with large 
uncertainti es. Errors of wind speed estimations can influence the 
simulatio ns of the timing and amount of snow- and ice-melt over 
complex terrain. We conducted model experiments using idealized 
condition s to estimate model sensitivit y of turbulent fluxes and 
melt to wind speed for different climatic conditions. We only 
investiga ted sensitivity under stable stratification, because it is
predomin ant over snow and ice surfaces. Our study shows that 
the sensitivit y increases with increasing air temperature and for 
either extreme of relative humidity . The sensitivit y of turbulent 
fluxes is highest when the stability paramete r f ¼ 1 (at u ¼ 3–
5 m s�1), and exponenti ally decreases either side of that range.
That peak in sensitivity is caused by the stability correction in
the turbulent fluxes paramete rization, and is independen t of the 
flux-profile relationship s we applied (not shown in this work).
No peak in sensitivity is modeled when neutral conditions are as- 
sumed. The wind speed range of 3–5 m s�1, where the sensitivit y of
turbulent fluxes to uncertainties in wind speed is highest, is typical 
of many glacierized regions and can lead to large uncertainties in
melt modeling. Our idealized model experime nts were done 
assuming low insolation and a = 0.9. Increasing insolation or
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decreasing albedo brings the snowpack closer to melting and 
therefore increases the sensitivity. Our sensitivity estimates can 
therefore be regarded as minimum estimates.

To estimate the uncertainties in turbulent fluxes associated 
with variations in wind speed in a more realistic representation 
of meteorologi cal variables and evolving albedo, we ran the model 
for the basin of Haut glacier d’Arolla for the 2007 winter, spring 
and summer season using modeled wind fields as model input.
The sensitivity to wind speed is largest in areas where u = 3–
6 m s�1, which confirms the results from our idealized model 
experiments . To quantify the error in energy balance modeling 
when spatially uniform wind speed is assumed, we also ran the 
distribut ed model assuming spatially uniform wind speed. The 
resulting turbulent flux errors when neglecting spatial variation 
of wind speed are highest over ridges and steep slopes (40–50%),
reflecting the high uncertainty and strong local variation in wind 
speed in these regions. The wind speed uncertainty is likely larger 
than we calculate, especially over the main valley/glacier, because 
the regional climate model (ARPS), that we used to model wind 
fields, has not been set-up to allow the developmen t of katabatic 
winds, which are likely to enhance the topographically modified
air flow. Furthermore, because we do not model wind fields at
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every timestep, but use pre-defined wind fields, our modeled tem- 
poral variations of local wind speed are too small. However, we
demonstrat e how the sensitivit y of the turbulent fluxes could look 
like for a catchmen t in the European Alps and that the sensitivit y
analysis using idealized condition s can be used to estimate uncer- 
tainties in turbulent fluxes due to wind speed uncertainties in
other regions as well.

It is important to note that we chose to investigate the sensitiv- 
ity of energy balance modeling to uncertainties of the assumed or
measured local wind speed. We did not investigate the sensitivity 
to air temperature and relative humidity variation s despite the fact 
that we looked at the wind speed sensitivity in different tempera- 
ture/humid ity environments. The sensitivit y on local variation s of
temperature and humidity may be subject to future research. We
also want to emphasize that our results should not be interpreted 
as a potential reaction of the turbulent fluxes to atmospheric 
changes (e.g., as a consequence of climate change). In such a case,
a primary change in e.g., wind speed would lead to temperature 
and humidity changes in the atmospheric boundary layer and 
therefore those non-local feed-back s would have to be considered.
Our results should be interpreted as the potential modeling error if
the local wind speed is not known or has uncertainties. Our results 
therefore help to better quantify the often discussed sensitivity 
(e.g., [70]) of energy balance models on (high quality) input data 
and provide the way to improve the applicati on of energy balance 
models in particular in complex terrain.
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